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Present Day Radiative Forcing
(IPCC, 2007, based on Kiehl & Trenberth, 1997)
(revised by Trenberth et al 2009 BAMS (not included here))
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Earth’s Radiative Budget
Equilibrium temperature change ∆TE,∞





λ = λPlanck + λwater vapour + λlapse rate + λclouds(+λalbedo)
λ = λPlanck + λelse
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State-of-the-Art
Climate sensitivity (∆T2×CO2)
equilibrium temperature change for doubling CO2 concentration
Problem: When is equilibrium?
Calculated range of ∆T2×CO2 (IPCC 2007 or others): 2.1–4.4 K
Problem: Factor ≥ 2 uncertainty, depending on the climate model
Forcing ∆R2×CO2 = 5.35 W m
−2·ln(2) = 3.7 W m−2.
∆T2×CO2
∆R2×CO2
= S2×CO2 = 0.6− 1.2 K (W m−2)−1
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Other Approaches (e.g. Hansen et al, 2007, 2011)




   Fig. 2. Climate forcings during the ice age 20 ky ago relative to the pre-industrial Holocene. 
 
3.  Fast-Feedback Climate Sensitivity 
 Recent glacial-interglacial climate oscillations precisely define a specific climate 
sensitivity, yet this fact and its significance are not fully appreciated.  Climate, averaged over a 
few millennia, must be in near-equilibrium during the last ice age (~20 ky ago) and in the current 
interglacial period prior to introduction of substantial human-made climate forcings.  Any 
planetary energy imbalance was at most a small fraction of 1 W/m2, as shown by considering the 
contrary: an imbalance approaching 1 W/m2 would be sufficient to melt all ice on Earth or 
change ocean temperature a large amount, contrary to numerous paleoclimate data records. 
 Variability of solar luminosity on Pleistocene time scales is small.  Therefore the changed 
boundary conditions that maintained observed climate change had to be changes on Earth's 
surface and changes of long-lived atmospheric constituents.  These forcings, as summarized in 
Fig. 2, are both known with reasonably good accuracy.  The largest uncertainty is the calculated 
3.5 W/m2 forcing due to surface changes (ice sheet area, vegetation distribution, shoreline 
movement) due to uncertainty in ice sheet sizes (Hansen et al., 1984; Hewitt and Mitchell, 1997). 
 Global temperature change of 5 ± 1°C between the last ice age and the Holocene2
 This empirical climate sensitivity incorporates all fast response feedbacks in the real-
world climate system, including changes of water vapor, clouds, aerosols, aerosol effects on 
clouds, and sea ice.  In contrast to climate models, which can only approximate the physical 
processes and may exclude important processes, the empirical result includes all processes that 
exist in the real world – and the physics is exact. 
 implies 
an equilibrium climate sensitivity of 5/6.5 ~ !°C for each watt of forcing.  The fact that ice sheet 
and greenhouse gas boundary conditions are actually slow climate feedbacks is irrelevant for the 
purpose of evaluating the fast-feedback climate sensitivity (Hansen et al., 1984; Lorius et at., 
1990). 
 The sensitivity !°C per W/m2 corresponds to 3°C for doubled CO2 forcing (4 W/m2).  If 
Earth were a blackbody without climate feedbacks the equilibrium response to 4 W/m2 forcing 
would be about 1.2°C (Hansen et al., 1981, 1984).  The water vapor increase and sea ice decrease  
                                                 
2 A recent review (Shakun and Carlson, 2010) of the climate change between the last glacial maximum and the 
Holocene estimated the global temperature change as 4.9°C, but they suggested this was a minimum, because they 
were missing data from regions of sea ice and land ice that likely had the largest temperature change.  
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Other Approaches (e.g. Hansen et al, 2007, 2011)
1 Use LGM for ∆T and ∆R ⇒ S = 0.75± 0.25 K (W m−2)−1




   Fig. 3. CO2 (Luthi et al., 2008), CH4 (Loulergue et al., 2008), sea level (Bintanja et al., 2005) and 
resulting climate forcings (Hansen et al., 2008) for the past 800,000 years 
 
that accompany global warming can be simulated reasonably well by climate models; together 
these two feedbacks approximately double the blackbody sensitivity.  The further amplification 
is the net effect of all other processes, with aerosols, clouds, and their interactions probably being 
the most important of the remaining feedback processes. 
 The empirical sensitivity 3°C for doubled CO2 agrees with estimates of Charney (1979) 
and modern climate models.  But the empirical result is more precise, and it includes all real-
world processes.  Moreover, by examining observed climate change over several Milankovic 
oscillations it is now possible to further reduce the uncertainty in this fast-feedback sensitivity. 
 Fig. 3 shows atmospheric CO2 and CH4 and sea level3
 Multiplying the sum of greenhouse gas and surface albedo forcings by climate sensitivity 
!°C per W/m2 yields the predicted temperature shown by blue curves in Fig. 4.  This calculated 
global temperature change is compared with both Dome C Antarctic temperature change (Jouzel 
et al., 2007) and global deep ocean temperature change (Zachos et al., 2001, with temperature 
extracted from oxygen isotope data as described below and by Hansen et al., 2008). 
 for the past 800,000 years and 
resulting calculated climate forcings.  Sea level implies the total size of the major ice sheets, 
which thus defines the surface albedo forcing as described by Hansen et al. (2008). 
                                                 
3 The sea level history of Bintanja et al. (2005) is dependent on an ice sheet model that is constrained to match the 
oxygen isotopic record, an approach that allows variable contributions of ice volume and temperature to oxygen 
isotope amount.  Bintanja et al. (2005) found good agreement with other sea level reconstructions, and Hansen et al. 
(2008) made comparisons showing that the differences among sea level reconstructions are too small to alter the 




   Fig. 4.  Calculated global surface temperature change compared with (a) 0.5 ! Dome C temperature, 
and (b) 1.5 ! deep ocean temperature. 
 
 The estimate of observed global temperature change from the Antarctic ice core assumes 
global mean temp rature change is h lf as large as Antarctic temperature change.  The estimate 
of observed global temperature change based on the global compilation of deep ocean cores 
assumes that global temperature change is 1.5 times greater than deep ocean temperature change.  
These scale factors are chosen to yield global temperature change of about 5°C between the last 
ice age and the Holocene, the best documented glacial-interglacial climate change. 
 The good fit of calculations and deep ocean temperature for all interglacial periods, 
whether warmer or cooler than the Holocene, has profound implications about the dangerous 
level of human-made climate change.  For this reason, we need to summarize how temperature is 
extracted from ocean cores.  
 
4.  Deep ocean temperature record 
 The isotopic composition of shells of microscopic benthic (deep ocean dwelling) animals 
(foraminifera, or 'forams') in ocean cores provides information on climate change throughout the 
Cenozoic Era.  The proportions of the heavy oxygen isotope (18O) and the common isotope (16O) 
in a foram shell depend on both the temperature where the shell grew and on sea level at that 
time.  Sea level is an indication of how much water is stored in continental ice sheets.  As ice 
sheets grow the water molecules remaining in the ocean have a higher percentage of 18O, because 
the lighter 16O evaporates from the ocean more readily and accumulates in the ice sheets.   
 Hansen et al. (2008) compared two extreme sea level situations: (1) 35 My ago, just 
before a large ice sheet formed on Antarctica, when sea level was thus near its maximum height 
(about 75 m higher than today), and (2) 20 ky (thousand years) ago, during the last ice age, when 
sea level was about 180 m lower than during the nearly ice-free state at 35 My.  Half of the 
oxygen isotope change between these extreme states is known to be due to the deep ocean 
temperature change and half to the accumulation of continental ice.  Assuming that the amount 
of ice increases monotonically as the planet becomes colder, Hansen et al. (2008) made the 
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Other Approaches (e.g. Hansen et al, 2007, 2011)
1 Use LGM for ∆T and ∆R ⇒ S = 0.75± 0.25 K (W m−2)−1
2 Keep S constant and calculate ∆T out of given ∆R.
Points for improvements:
1 ∆T (observed) is 0.5× EPICA-Dome-C ∆T which is wrong,
because the polar amplification changes with climate / time.
2 There is no global time series of ∆T , urgently wanted.
3 S might depend on climate (S = f (T )),
thus taking S2×CO2 for LGM and vice versa might be wrong.
4 More knowledge on changes in albedo available.
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Our Approach:






(a) Refine ∆R over last 800 kyr
(b) For LGM: use a ∆T and our ∆R ⇒ S = ∆T/∆R.
2 Late Cenozoic:
(a) Use data-based ∆T and constant S for CO2 = f (∆R)
(b) Use ∆T and ice core CO2 to calculate variability in S
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Our Approach
Our Approach: Processes change in the radiative budget based on data
Considered paleo changes: I: incoming solar radiation; G: GHG; α: albedo
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I: incoming solar radiation; GHG: greenhouse gases
αS: surface: land ice, snow, sea ice, vegetation αA: atmosphere dust
annual mean and zonally averaged view
(Köhler et al., QSR 2010)
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Surface albedo (1): Land Cryosphere
(land ice, sea level, snow cover)
Surface albedo (2): Sea ice
Surface albedo (3): Vegetation
Atmospheric albedo: Aerosols (Dust)
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Considering orbital variation, GHG, surface albedo (land ice sheets,
snow, exposed shelves, sea ice) and atmospheric albedo (dust)
(Köhler et al., QSR 2010)
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Individual radiative forcings for LGM
Process Uncertainties ∆R ± 1σ upper err
(W m−2) (W m−2)
Orbit — 0.01± 0.00
GHG −2.81± 0.25 ±0.37
CO2 σCO2 = 2 ppmv; σR = 10% −2.10± 0.22
CH4 σCH4 = 10 ppbv; σR = 10%;
σefficacy = 5%; σinterN2O = 0.02 W m
−2 −0.40± 0.05
N2O σR = 0.1 W m−2 −0.30± 0.10
land cryosphere −4.54± 0.90 ±1.50
land ice σI = 0.2%; σarea = 10%; σαLI = 0.1 −3.17± 0.63
sea level σI = 0.2%; σarea = 20%; σαL = 0.05 −0.55± 0.29
snow cover σI = 0.2%; σarea = 20%; σαL = 0.05 −0.82± 0.58
sea ice −2.13± 0.53 ±0.64
sea ice N σI = 0.2%; σarea = 20%; σαSI = 0.1 −0.42± 0.12
sea ice S σI = 0.2%; σarea = 20%; σαSI = 0.1 −1.71± 0.51
vegetation σI = 0.2%; σαL = 0.05 −1.09± 0.57
dust σI = 0.2%; σαA = 50% −1.88± 0.94
subtotal −12.43± 1.39 ±3.19
for ’Charney’ sensitivity SC (no snow cover and sea ice) −9.48± 1.15 ±2.55
Other approaches (e.g. Hansen) −6.5± 1.5
(Köhler et al., QSR 2010)
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Total radiative forcing
LGM: −12.4± 3.2 W m−2. ∆TE,P: −3.9± 0.8 K.
With feedbacks (water vapour, clouds, lapse rate) λtodayelse = 1.65± 0.49 W m−2 K−1:




































⇒ Feedbacks strength λelse and then also S depends on climate.
(Köhler et al., QSR 2010)
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Climate Sensitivity for 2× CO2 based on LGM data
Asymmetry in S for warming and cooling (Hargreaves et al., 2007).
Our ∆RCharney = factor f = 0.85± 0.2
−9.5± 1.2 W m−2 (Hargreaves et al., 2007)
0 1 2 3 4 5 6 7 8 9 101112131415
Radiative Forcing at LGM (W m−2)
0 0.25 0.5 0.75 1 1.25 1.5
Scaling factor
0 1 2 3 4 5 6 7 8 9 101112131415
Cooling at LGM (K)
0 1 2 3 4 5 6 7 8 9 10
Climate sensitivity for CO2 doubling (K)
∆T = 5.8± 1.4K ∆T2×CO2 = 1.4− 5.2 K
(Schneider v. Deimling et al., 2006)
∆T2×CO2 =
∆T
∆R · ∆R(2×CO2)scale = 5.8K9.46Wm−2 · 3.71Wm
−2
0.85 ≈ 2.6K
(Köhler et al., QSR 2010)
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Conclusions I
1 Improved ∆R ⇒ ∆TLGME,P = −3.9± 0.8 K without feedbacks.
2 Feedback strength is climate dependent.
3 ∆T2×CO2 based on our LGM ∆R compilation is 2.4 K (1.4– 5.2 K).
Wanted Improvements
1 Global mean surface ∆T time series over 800 kyr wanted.
2 Inconsistent picture of ∆T between deep ocean and ice cores in
the warmer-than-Holocene-interglacials.
3 Understand the climate dependency of S.
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Necessary Ingredients




are necessary to calculate the third after
S = ∆T/∆R
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Northern Hemispheric Ice Sheets and benthic δ18O
the possibility of forcing ice-sheet models in a transient mode with
benthic δ18O records as one of the key climate-related variables which
is available over the past 40 Myr.
2.2. Ice-sheet models forced with oxygen isotopes
The best examples of long-term climate records of benthic
foraminifera are the stacked data sets of Lisiecki and Raymo (2005)
(LR04) and Zachos et al. (2008) which cover 5 and 65 million years of
Earth's history, respectively. Pollard and DeConto (2009) used the
stacked LR04 record to largely parameterise the mechanisms involved
in forcing an ice-sheet model for the Antarctic ice sheet. In their
approach, sea level is determined in proportion to δ18O, and already
existing surface temperature and precipitation parameterisations (see
references therein) are varied as function of δ18O. Furthermore, a sub-
ice-shelf oceanic melt parameterisation is implemented which is
believed to be controlled by climatic inﬂuences that vary in coherence
with NH glacial-interglacial cycles, and thus with deep-sea δ18O for
the Plio-Pleistocene. However, they do not attempt to separate the
temperature and sea-level information in the benthic δ18O record in a
systematic way.
In this study, we extend the work presented by De Boer et al.
(2010), using an inverse forward modelling approach, in conjunction
with an ice-sheet and simple deep-water temperature model, to
separate these two components in the benthic δ18O data over the past
40 Myr. This work continues on a series of publications, which have
been presented in combination with sea level over the last glacial
cycle (Bintanja et al., 2005a), and forcedwith benthic δ18O to examine
sea level and temperature over the past millions of years (Bintanja
et al., 2005b; Bintanja and Van de Wal, 2008). The method is based
on the assumption that both ice volume and deep-water temperature
are strongly related to NH surface air temperature. As is illustrated
in Fig. 2, the procedure linearly relates the NH temperature to the
difference between the modelled and observed benthic δ18O









ΔT the mean NH temperature over the preceding 2 kyr, c
(=40 °C−1) represent the temperature response to changes in the
δ18O record, and 0.1 kyr is the time resolution of the forcing.
Furthermore, to calculate the benthic δ18O in the model, we used an
















where Vi and Vo represent ice and ocean volume (in metres sea level
equivalent), respectively,
!
δ18Oi is the weighted mean oxygen
isotopic depletion of the ice in ‰, and γ=−0.28‰ °C−1, the
temperature-isotopic slope (Duplessy et al., 2002), representing the
temperature contribution to the benthic δ18O record. Most impor-
tantly, in this way a self-consistent and continuous record on the same
time scale is constructed of temperature, sea level (ice volume) and
benthic δ18O, which is well suited for analysing the transient nature of
the Earth's climate. Likewise, Oerlemans (2004) used an analytical
approach to derive Antarctic ice volume and temperature from the
benthic δ18O, based on a function of δ18O linearly depending on
temperature and ice volume. The results are shown to be comparable
with our inverse procedure (see De Boer et al., 2010).
Here, a more comprehensive analysis is presented of the results
shown by De Boer et al. (2010), focusing on the transient nature of
sea level, temperature and benthic δ18O, using ﬁve 1-D axisymmet-
rical ice-sheet models representing glaciation on Eurasia, North
America, the Greenland Ice Sheet (GrIS) and the East and West
Antarctica Ice Sheet (respectively EAIS andWAIS). All ﬁve ice-sheets
have different characteristics which are representative for each
individual ice-sheet. Furthermore, the ice-sheet model incorporates
changes in the isotopic depletion of the ice-sheet, δ18O, which varies
Fig. 2. The inverse modelling technique explained graphically. Starting in the top left corner, every 100 years the NH continental mean surface air temperature relative to PD ΔT is
calculated using the inverse routine, Eq. (1), for which an increase in δ18O leads to a drop in temperature. Next, the temperature anomaly is forwarded to the ice-sheet and deep-
water temperature models, resulting in an increase in ice volume, a drop in δ18Oi and a drop in the deep-water temperature anomaly ΔTo. Finally, the benthic modelled δ18O is
calculated according to Eq. (2), and is forwarded to the inverse routine to determine the next time step temperature anomaly.
Table 1
Minimum and maximum estimates for PD ice-sheet δ18Oi .




NAM (LGM) −34c −28c
EAS (LGM) −40c −16c
a Lhomme et al. (2005).
b Giovinetto and Zwally (1997).
c Duplessy et al. (2002).
d Zwally and Giovinetto (1997).
3B. de Boer et al. / Palaeogeography, Palaeoclimatology, Palaeoecology xxx (2011) xxx–xxx
Please cite this article as: de Boer, B., et al., Transient nature of the Earth's climate and the implications for the interpretation of benthic δ18O
records, Palaeogeogr. Palaeoclimatol. Palaeoecol. (2011), doi:10.1016/j.palaeo.2011.02.001
Deconvolute stacked benthic δ18O into cli ate variables
(∆Tdeep o, ∆Tatm (40−80◦N), siz of ic sheets, se level, snow cover)
(Bintanja et al., 2005; d B er et al., 2011)
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(after Bintanja et al., 2005; van de Wal et al., 2011; de Boer et al., 2011)
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Alk+ 11Bs (Seki 2010)
11Bh (Hönisch 2009)
ice cores (EDC+Vostok)
after van de Wal et al., 2011 CPD
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Initial Approach
Use data-based ∆T = f (δ18O),
assume constant S = ∆T/∆R
to calculate CO2 = f (∆R)
⇒ ∆R = ∆T/S
Peter Köhler 26 29 Mar 2011
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(after van de Wal et al., 2011 CPD)
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over the past 20Myrs


















































Fig. 5. The selected (n=1287) proxy CO2 data (red dots) binned in intervals of 1KNH tem-
perature change. The error bars represent one standard deviation variability of the data in the
selected temperature interval. The additional lines show the range in C values from diﬀerent
weighing tests, blue C +10%, red C −10%.
460
resampled and binned data in intervals of ∆(∆TNH) = 1 K
C = 39± 4K regression slope from modelled ∆TNH and CO2 data
(van de Wal et al., 2011, CPD)
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∆TNH—CO2 2: Theoretical Relationship
∆T = S ·∆R
∆TNH = C · ln CO2CO2,ref with C = αβγSC1−f
LGM parameters:
α = ∆TNH /∆Tglobal = 15 K/6 K = 2.5
β = 5.35 W m−2: radiative forcing of CO2
γ = 1.3: enhancement factor for non-CO2 GHG (CH4, N2O)
SC = 0.72 K (W m−2)−1: Charney climate sensitivity (fast feedbacks: Planck,
water vapour, lapse rate, clouds, sea ice, albedo)
f = 0.72: feedbacks of slow processes (land ice, dust, vegetation)
C = 43K theoretical calculation based LGM data and constant S
For comparision:
pure SCharney (f = 0; γ = 1;α = 1)⇒ CC = 3.9 K and ∆Tglobal = 2.7 K
(van de Wal et al., 2011, CPD)
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over the past 20Myrs


















































Fig. 5. The selected (n=1287) proxy CO2 data (red dots) binned in intervals of 1KNH tem-
perature change. The error bars represent one standard deviation variability of the data in the
selected temperature interval. The additional lines show the range in C values from diﬀerent
weighing tests, blue C +10%, red C −10%.
460
∆TNH = C · ln CO2CO2,ref with C = αβγS1−f
Two independent approaches to calculate the slope:
1 C = 39± 4K regression slope from modelled ∆TNH and CO2 data
2 C = 43K theoretical calculation based LGM data and constant S
(van de Wal et al., 2011, CPD)
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after van de Wal et al., 2011 CPD
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400 kyr running mean
Glacial/interglacial amplitudes captured, details wrong
after van de Wal et al., 2011 CPD
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400 kyr running mean
Assumption: relation CO2-∆T unchanged with time!!!
after van de Wal et al., 2011 CPD
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Alternative Approach
Use data-based ∆T = f (δ18O),
and the best constrained ∆R = f (CO2, ice core)
to calculate the variability in S = f (T )
⇒ S = ∆T/∆R
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Tglobal 1 = TNH/2.5





































mean S 1 SD for S in [1, 5]
SCO2 = 3.2± 0.8 K (W m−2)−1, CV = 26%
interglacials:∆T ∼ 0;∆R ∼ 0; synchronisation!!!
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Revise Theoretical Relationship ∆TNH—CO2






1−0.72 = 3.3 K (W m
−2)−1
C = 43K theoretical calculation based LGM data and constant S
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Revise Theoretical Relationship ∆TNH—CO2






1−0.72 = 3.3 K (W m
−2)−1
C = 43K theoretical calculation based LGM data and constant S
Revision:
Sice coresCO2 = 3.2 K (W m
−2)−1±26%
⇒ Ice cores suggest a variability in S of ±26%,
thus C = 43± 11K
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400 kyr running mean
theoretical approach with S=f(T)
after van de Wal et al., 2011 CPD
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Open Questions:
Asymmetry in S for cooling and warming
Our ∆RCharney = factor f = 0.85± 0.2
−9.5± 1.2 W m−2 (Hargreaves et al., 2007)
0 1 2 3 4 5 6 7 8 9 101112131415
Radiative Forcing at LGM (W m−2)
0 0.25 0.5 0.75 1 1.25 1.5
Scaling factor
0 1 2 3 4 5 6 7 8 9 101112131415
Cooling at LGM (K)
0 1 2 3 4 5 6 7 8 9 10
Climate sensitivity for CO2 doubling (K)
∆T = 5.8± 1.4K ∆T2×CO2 = 1.4− 5.2 K
(Schneider v. Deimling et al., 2006)
Asymmetry in S (scaling factor f ) not considered so far.
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400 kyr running mean
theoretical approach with S=f(T)
theory + unsymmetry in S (f= 0.85)
after van de Wal et al., 2011 CPD
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Conclusions II
1 If one assumes constant S ⇒ CO2 can be calculated out of ∆T .
2 Alternatively, if we believe in a ∆T we can obtain a
climate-dependent S from the ice core CO2.
3 For which forcing ∆R is S calculated? e.g. SCharney, Sall, SCO2 .
4 Approach is weak in MIS 5, 7, 9, 11 with both ∆R and ∆T ∼ 0.
5 Asymmetry in S (scaling factor f ) not considered so far.
6 We need to agree on global temperature records!.
7 (Precise uncertainty treatment will change slope of regression.)
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Open Questions:














































Mudelsee et al., unpublished
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Open Questions:
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The End
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Implict versus explicit
Equilibrium temperature change ∆TE,∞




Here, forcings & feedbacks are only used to calculate ∆TE,,∞.
They say nothing about CAUSE and EFFECT (leads and lags).
glacial/interglacial: GHG (∆RGHG),
but GHG are NOT the underlying cause for the temperature
change, they contribute to it by changing the radiative budget.
pure GHG forcing (∆RGHG) and ice sheet albedo feedback does
NOT imply the GHG is causing the changes in the ice sheets.
Because of that we can use whatever we want to (can provide by data)
of forcing (explicitly) and everything else as feedback (implictly).
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Names
1 Climate sensitivity after IPCC: ∆T2×CO2 (K)
equilibrium temperature change for doubling CO2 concentration




(or specific paleo climate sensitivity or Earth system sensitivity)
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